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ARTICLE INFO ABSTRACT

Keywords: Volatile exsolution is widely considered to be capable of generating magmatic overpressure and triggering
Overpressure volcanic eruptions. Despite its role as an eruption trigger, exsolution-driven overpressurisation is relatively
_\r/f’latﬂe lcontent poorly understood. Part of the problem is that thermodynamic models do not consider how the behaviour of
1mescales

small quantities of magma scales up to reservoir level — where variations in temperature and crystallinity become
important. In contrast, many thermomechanical models focus only on magma injection, and do not consider how
overpressure evolves spatially or temporally, when related to crystallisation and volatile exsolution. Here, we use
Rhyolite-MELTS to track exsolution-driven overpressure during cooling for a variety of natural compositions,
storage pressures, initial volatile contents and magmatic Xy20 (molar HyO/ (CO2 + H20)). We then couple these
outputs to a thermal model to determine the timescales and spatial extent of overpressurisation with varying
volatile content.

We find that the highest overpressures occur in magmas which are initially at their H,O solubility limit, with
the addition or removal of HyO resulting in a decrease in peak overpressure. We also find that maximum
overpressure decreases with the addition of CO, (decreasing Xy20) at typical magma storage pressures of
100-230 MPa. The higher overpressures generated at the volatile ‘sweet spot’ have a greater potential to trigger
eruptions — or to favour their initiation by making the system more susceptible to other triggers, such as magma
injection. The reduction in overpressure with increasing or decreasing initial HoO suggests that triggering by
volatile exsolution is less likely for these magmas. Peak overpressure at the volatile sweet spot also coincides with
an increased incidence of explosive eruptions at water contents ~4-5.5 wt%. This suggests that higher magmatic
overpressures may produce more explosive eruptions, by driving faster initial ascent rates and decreasing out-
gassing efficiency in the conduit. Our thermal modelling demonstrates that, for small magmatic systems,
exsolution-driven overpressurisation can operate on timescales which are much shorter than the crustal relax-
ation timescale. In these cases, overpressure cannot be dissipated by a visco-elastic crustal response, and
therefore has the potential to trigger a volcanic eruption.

Eruption triggering

1. Introduction

The presence of a magmatic system within the crust modifies
geothermal and lithostatic pressure gradients. Physical and chemical
processes operating within a magma reservoir can lead to pressure
fluctuations and the build-up of significant overpressures. We define
magmatic overpressure (AP) as a pressure in excess of the expected
lithostatic pressure for a given depth — equivalent to the excess pressure

* Corresponding author.
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(pe) term of Gudmundsson (2012). In some cases, negative overpressure,
or underpressurisation, may also occur as a system cools and contracts.
Internal overpressurisation may occur via melting, thermal expansion,
buoyancy, volatile exsolution, COs-flushing, magma recharge, or a
combination of these mechanisms (Canon-Tapia, 2014; Caricchi et al.,
2018). Here, we focus on overpressure generated by volatile exsolution,
termed ‘second boiling’ when driven by crystallisation of anhydrous
mineral phases. Second boiling has long been considered a viable
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eruption triggering mechanism (Blake, 1984; Tait et al., 1989), and has
recently been identified as a potential trigger at Campi Flegrei, Italy
(Stock et al., 2016), Kelud, Indonesia (Cassidy et al., 2016, 2019), Mount
St Helens, USA (Kent et al., 2007) and Calbuco, Chile (Arzilli et al.,
2019).

If overpressure exceeds a threshold value (often termed the ‘critical
overpressure’), then magma may ascend towards the Earth’s surface,
triggering a volcanic eruption. The critical overpressure (AP). for a
given system is dependent primarily on host rock strength (Pollard,
1987; Rubin, 1995) and is commonly considered to be on the order of
tens of MPa (Gudmundsson, 2012). However, it is debated that (AP).
may be higher than this, on the order of ~100 MPa, and is particularly
sensitive to pore fluid pressure (Grosfils et al., 2015; Albino et al., 2018).
The timescale of overpressure build-up is also important for determining
whether a volcanic eruption will occur. For exsolution-driven over-
pressurisation, two important timescales have been identified: 1. the
crustal relaxation timescale (Tyelax), and 2. the cooling timescale (T¢oo))
(Degruyter and Huber, 2014). If Trelax < Teool then overpressure can be
dissipated by the surrounding crust, and an eruption is unlikely. How-
ever, if Teool < Trelax, OVerpressure cannot be dissipated by viscous crustal
behaviour, and could potentially trigger an eruption by brittle failure of
the reservoir wall.

In addition to its role in triggering volcanic eruptions, magmatic
overpressure is thought to be linked to eruption style (Jaupart and
Allegre, 1991; Woods and Koyaguchi, 1994), most likely via its control
on magma ascent rate and outgassing efficiency (Cassidy et al., 2018).
One factor influencing both overpressure and ascent rate is magmatic
volatile content. Water-rich magmas are often associated with explosive
eruptions (Papale et al., 1998; Cashman, 2004; Gonnermann and
Manga, 2012) due to the volumetric expansion and increased buoyancy
associated with volatile-exsolution in the conduit, and also the effect of
volatiles on increasing magma ascent rate, allowing less time for
degassing prior to eruption. However, there is also evidence for effusive,
water-saturated eruptions at Volcan Quizapu (Ruprecht and Bachmann,
2010) and Nisyros and Yali volcanoes (Popa et al., 2019, 2021a); hence,
magmas stored in the presence of exsolved volatiles can be associated
with both explosive and effusive activity. A key question, therefore, is:
what are the volatile conditions within a magma reservoir (both dis-
solved and exsolved), that promote either effusive or explosive
eruptions?

Our ability to conceptualise exsolution-driven overpressurisation is
hampered by a lack of integration between different types of models.
Thermodynamic models can describe the equilibrium chemical state of a
magmatic system as it cools, but do not incorporate important physical
factors such as reservoir size, shape or the properties of the surrounding
crust. In contrast, thermomechanical models often assume instanta-
neous and homogenous pressurization, and tend to focus on magma
injection as the pressurising mechanism, rather than second boiling.
Additionally, the temperature within a cooling reservoir will vary with
proximity to the surrounding crust, resulting in variations in crystal-
linity and the amount of volatile exsolution throughout the reservoir. By
coupling thermodynamic and thermal models we provide a first-order
method for determining changes in pressurization induced by cooling
and crystallisation. This represents a step forward in that we model
temporal and spatial changes in overpressure connected to evolving
physical parameters, rather than assuming instantaneous, homogenous
overpressure throughout the whole reservoir.

In this study we aim to answer key questions such as; How does
overpressure evolve throughout a magma reservoir as a whole, with
areas of varying temperature, and therefore varying amounts of volatile
exsolution? How do variations in fluid content affect over-
pressurisation? How does overpressure vary spatially as different parts
of the reservoir reach high crystallinities? Can this type of overpressure
(volatile exsolution-driven) accumulate on timescales rapid enough to
trigger an eruption? And finally, do these internal pressurization pro-
cesses have any effect on eruption style?
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2. Methods
2.1. Rhyolite-MELTS thermodynamic modelling

To investigate the overpressure evolution of magma during cooling
we use Rhyolite-MELTS thermodynamic modelling software, version 1.2
(Gualda et al., 2012; Ghiorso and Gualda, 2015; Gualda and Ghiorso,
2015). We model the following volcanic systems: Nisyros-Yali dacite
(Greece), Calbuco basaltic andesite (Chile), Kelud basaltic andesite
(Indonesia) and Mount St Helens dacite (USA) — all of which have shown
a variety of eruption styles. Magma composition, pressure, temperature
and fluid inputs for these simulations are shown in Table S1, and melt
composition plots are shown in Fig. S1. Although these systems all have
relatively well-constrained storage conditions, these parameters are
often debated as research progresses. Therefore, we seek to present
general trends in overpressurisation with varying fluid content, rather
than replicate exactly the conditions for each system. This is also true of
the ability of melts to replicate exactly the evolution of a given system.
As shown in Fig. S1 there are discrepancies between our modelled liquid
lines of descent and observed geochemistry, so we discuss general trends
in overpressurisation, rather than attempt to discuss the overpressure
evolution of a particular system in detail.

We run isobaric cooling simulations for each of the four volcanic
systems at 2 °C temperature increments, starting at the liquidus, for two
sets of simulations:

1) A set of three simulations with varying initial HyO contents which
are COo-free.

2) A set of three simulations with varying proportions of H2O and CO2
(Xnz20 = (H20 + CO2)/H20).

For set 1, H,0 solubility is determined in Rhyolite-MELTS by incre-
mentally increasing HyO content at the liquidus temperature, for a fixed
pressure and composition (Table S1) until a fluid phase exsolves. We
then add or subtract HyO at the same pressure, adjusting the tempera-
ture to the new liquidus value. In this way, we can compare the effect of
initial Ho,O- undersaturation and oversaturation with simulations where
H,0 content is at the solubility limit, where all simulations begin at the
liquidus temperature. For set 2, the simulation at water saturation is
used as the Xyoo = 1 case, and Xyo0o is then decreased at a fixed total
fluid content through the addition of CO;. We note that starting our
simulations at the same temperature (rather than adjusting to the liq-
uidus) still results in the same trends in overpressure described in the
results section. Outputs from the Rhyolite-MELTS cooling simulations
are used to calculate magmatic overpressure at each temperature
increment, following the method of Tramontano et al. (2017):

AP = AV/(V'B) @

Where AP is magmatic overpressure (MPa), AV is potential volume
change relative to initial volume at the liquidus (m®), V is system volume
(m®) and f is system compressibility (1/MPa). The §§ output is calculated
in MELTS as the sum of the liquid, crystal and fluid compressibilities,
multiplied by the respective volume fraction of each phase. For the
systems investigated here, Rhyolite-MELTS generates § values on the
order of 1072 to 107! Pa~. These values are consistent with multiple
independent estimates of magma compressibility from numerical
modelling (Huppert and Woods, 2002 [10°8 to 10710 Pa’l]), ground
deformation studies (Gottsmann and Odbert, 2014 [1 x 107° - 4 x
1071 Pa’l]), and multidisciplinary constraints (Wasser et al., 2021
[~3.8 x 1070 Pa']).

In our thermodynamic modelling we envisage that magma generated
at greater depths has different initial volatile contents. As the magma
ascends from the lower to the upper crust, these volatiles will exsolve
during decompression (first boiling), and some will be outgassed. By the
time they reach the upper crust where most magma reservoirs stall and
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reside (Huber et al., 2019) some magmas will be HyO-undersaturated,
saturated or even oversaturated and this is where we begin our simu-
lations. Although there are cases where first boiling drives supersatu-
rated magma from the lower crust all the way to the surface (Ruprecht
and Plank, 2013), we assume that supersaturated magma can stall in the
mid-upper crust (e.g.,(Annen et al., 2006; Kent et al., 2010; Ruprecht
and Plank, 2013; Rasmussen et al., 2022)). In all of our simulations we
assume that the melt and exsolved volatile phase remain coupled. For
the majority of our calculations (Figs. 1 to 6) we assume closed-system
conditions where exsolved volatiles are not lost via outgassing, and so
these overpressures are likely to represent maximum values. However,
in section 5.2 we also quantify the effect of open-system degassing on
overpressure generation. Implicit in the isobaric cooling calculations is
the assumption that the crust surrounding the magma reservoir is rigid,
and so does not dissipate any of the pressure caused by volume increase.
This is the same as assuming that the timescale for cooling, crystal-
lisation and volatile exsolution is shorter than the timescale of crustal
relaxation. Based on the overpressure timescales for a generic, shallow
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reservoir reported here, and typical crustal relaxation timescales dis-
cussed below, this assumption is valid for small reservoirs at relatively
shallow depths. However, the assumption may not hold for larger,
deeper reservoirs, which have longer cooling timescales. This method
does not account for the effect of changes in pressure on volatile solu-
bility. As stated in Tramontano et al. (2017), this is a valid assumption
for overpressures < 25 MPa, but may have effects for overpressures
larger than this. Model limitations and their implications for our find-
ings are discussed further in section 5. Nevertheless, our method still
provides a useful way of comparing relative magnitudes of overpressure
with varying fluid content, and timescales to reach critical overpressure.

2.2. Thermal modelling

To determine the timescales of pressurization from cooling and
volatile exsolution, we input melt fraction and overpressure outputs
from Rhyolite-MELTS into a thermal model (Weber et al., 2020). We use
a 2.5-dimensional, axisymmetric cylindrical model to simulate magma
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Fig. 1. Overpressure evolution for varying volcanic systems calculated from Rhyolite-MELTS for varying initial HO content, no CO,. All simulations begin at the
liquidus, and overpressure is calculated relative to the liquidus. Stars indicate peak overpressure. Dashed lines indicate crystallinity >60 vol%. Thicker lines indicate
simulations which are initially at the H,O solubility limit.
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a Nisyros-Yali, 160 MPa
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b Calbuco, 230 MPa
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Fig. 2. Overpressure evolution for varying volcanic systems calculated from Rhyolite-MELTS for varying initial Xjj»0. All simulations begin at the liquidus, and
overpressure is calculated relative to the liquidus. Stars indicate peak overpressure. Dashed lines indicate crystallinity >60 vol%.

reservoir cooling via conductive heat transfer. We use an initial
geothermal gradient of 25 °C/km, a thermal conductivity of 2.3 W/m/K,
a density of 2700 kg/m°, a latent heat of 320,000 J/kg and a specific
heat of 1050 J/Kg/K. These values are within the range of those used in
other studies (e.g, Whittington et al., 2009; Degruyter and Huber, 2014;
Trasatti et al., 2019) and are broadly applicable to magma stored at
shallow to mid-crustal levels. We model a cylindrical magma body with
a top surface at 4 km depth, representing shallow crustal storage to-
wards the upper boundary of common storage depths for intermediate
arc magmas (Rasmussen et al., 2022). To present a generically appli-
cable case, reservoir height and radius are both fixed at 1 km, repre-
senting a total volume of 3.14 km®. This represents a relatively small
reservoir, and is in line with volumes considered in other studies (Odbert
et al., 2014; Albino et al., 2018; Forni et al., 2018). Melt fraction and
temperature data from Rhyolite-MELTS outputs are used to implement
latent heat of crystallisation by fitting a polynomial curve to these data
(Fig. S2). We use outputs for the Kelud volcanic system (basaltic
andesite) here, but our method could be applied to any other system of
interest. The thermal model uses a finite difference method to solve the
axisymmetric formulation of the heat conduction equation. To extract
variations in overpressure as the reservoir cools, we track the temper-
ature in numerical cells and link this to overpressure via the
overpressure-temperature relationship derived from the Rhyolite-
MELTS calculations. We present weighted average overpressure values
for the whole reservoir over time (weighted by volume), assuming an

average lithostatic reservoir pressure of 100 MPa (Table S1). To distin-
guish between the average overpressures from our thermal modelling
and those derived from Rhyolite-MELTS (which are relevant for a ho-
mogenous system), we refer to the thermal model-derived overpressures
as ‘average reservoir overpressure’.

Using average overpressure values assumes that the magma can
transfer stress evenly throughout its volume, an assumption which may
not be valid for mushy, heterogeneous reservoirs. However Parmigiani
et al. (2017) show that the random distribution of bubbles associated
with volatile-exsolution hinders the development of pore-scale degass-
ing pathways in a reservoir. As pressurization from volatile-exsolution is
likely to be distributed throughout the reservoir, average pressurization
may be the best way to model this complex process. Our model does not
account for the movement of volatiles through the magma reservoir
(Annen and Burgisser, 2021), or the effect of buoyancy in generating
overpressure (Caricchi et al., 2014). The importance of the buoyancy
effect on reservoir overpressurisation will depend on the timescales of
bubble rise relative to volatile exsolution (Pyle and Pyle, 1995).
Although we discuss overpressure as an eruption trigger, we do not
consider the location of fracturing within the reservoir, or the progress
of fracturing once critical overpressure has been reached. A review of
fracturing and dyke propagation is given in (Rivalta et al., 2015), and
(Gregg et al., 2012) discuss how and where the crust is likely to fail in
response to overpressurisation. We also note that our thermal model
only accounts for heat transfer via conduction, it does not incorporate
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Fig. 3. Temporal evolution of average reservoir overpressure for varying initial H,O content. a) Overpressure evolution for Kelud at 4 km reservoir depth. Thermal
model uses a 1 x 1 km reservoir (3.14 km® volume) and the simulations are truncated at 60% crystallinity. Red dashed lines highlight 10 and 20 MPa overpressure
thresholds (see discussion). b) Thermal model outputs showing temperature variations for the 3.4 wt% H5O case after 1 ka, 3 ka and 4.8 ka. ¢) Thermal model outputs
showing overpressure variations for the same case. White dashed line shows extent of magma reservoir at 1 ka. Blue space within this outline at 3 ka and 4.8 ka
represents uneruptible magma. (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)

convection or advection. It has been shown that convective heat transfer
via a hydrothermal system can increase cooling rates by orders of
magnitude (Kelly et al., 2021). Therefore, the timescales presented here
are upper estimates, and cooling rates are likely to be shorter in natural
systems, assuming no magmatic recharge.

3. Modelling results
3.1. Thermodynamic modelling

3.1.1. Effect of varying initial H20 content (no CO2)

The evolution of magmatic overpressure during cooling for the four
different systems investigated here is shown in Fig. 1. Initial HyO content
is varied, and there is no CO5 present in these simulations. We use a
crystallinity cut-off of 60 vol% (dashed lines on plots denote >60%
crystallinity) to separate eruptible from non-eruptible magmas (Cooper
and Kent, 2014) although, in some cases, it may be possible to exceed
this limit and erupt (Klein et al., 2017). In agreement with Tramontano
et al. (2017), we find that maximum overpressures are attained when
initial HyO concentrations are set at their solubility limit (thicker lines in
figures). However, we also find that increasing the initial HyO concen-
tration above the solubility limit results in a decrease in peak over-
pressure for all our modelled systems. For example, at Nisyros-Yali
(Fig. 1a) the simulation initiated at the HoO solubility limit (5.4 wt%)
generates a peak overpressure of 56 MPa, whereas reducing the HoO
concentration to 4.9 wt% (i.e. water undersaturation) and increasing it
to 5.9 wt% (water oversaturation) both lower the peak overpressure to
33 MPa and 34 MPa, respectively. Similar trends in overpressure are
seen consistently across all the systems that we model (Fig. 1b-d),

suggesting that the reduction in overpressure with increasing or
decreasing initial HoO content occurs regardless of storage depth, tem-
perature or magma composition. This trend in overpressure with vary-
ing initial HyO content is also apparent at smaller HyO increments of
0.05 wt% (Fig. S3), and for basaltic and rhyolitic compositional end-
members (Fig. S4). Simulations with initial H;O concentrations at the
solubility limit have the maximum potential for volume change (AV),
without the dampening effect (increased compressibility ($)) of excess
exsolved volatiles. The addition or removal of H5O shifts this balance
and reduces overpressure. Hence, initial HyO contents at the water
solubility limit result in a ‘sweet spot” where magmas generate
maximum peak overpressure. The eventual decline in overpressure seen
across all systems - and all initial water contents - is due to the effect of
crystallisation and liquid contraction during cooling which both
decrease system volume, and also the effect of continued fluid exsolu-
tion, which increases system compressibility.

3.1.2. Effect of varying Xpzo (adding CO2)

We modelled each volcanic system with varying Xyoo from 0.9 to 1
by adding a CO, phase, to investigate the effect of mixed volatile exso-
lution on the generation of overpressure (Fig. 2). The simulations
initially at the water solubility limit (thicker lines in Fig. 1) are used as
the Xyo0 = 1 case, and total fluids are fixed at this value. Our results
indicate that the highest overpressures occur in pure-HsO systems (Xg20
= 1), with overpressure decreasing as Xyso decreases. For example, a
maximum overpressure of 62 MPa is attained at Kelud in the Xygp0 = 1
simulation (Fig. 2c). As Xya0 decreases with the addition of CO,, peak
overpressure decreases to 42 MPa for Xy20 = 0.98, and 23 MPa for X0
= 0.80. The same trend is seen across all the volcanic systems modelled
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Fig. 4. Temporal evolution of average reservoir overpressure for varying initial Xg20. a) Overpressure evolution for Kelud at 4 km reservoir depth. Thermal model
uses a 1 x 1 km reservoir (3.14 km® volume) and the simulations are truncated at 60% crystallinity. Red dashed lines highlight 10 and 20 MPa overpressure
thresholds (see discussion). b) Thermal model outputs showing temperature variations for the 0.90 Xy50 case after 1 ka, 3 ka and 4.8 ka. ¢) Thermal model outputs
showing overpressure variations for the same case White dashed line shows extent of magma reservoir at 1 ka. Blue space within this outline at 3 ka and 4.8 ka
represents uneruptible magma. (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)

here, although the magnitude of the overpressure reduction varies with
magma composition and storage conditions. Fig. 2 demonstrates that
reducing initial Xp20 past a certain point — which varies for each system
and is composition-dependent - will mean that no positive overpressure
is generated via volatile exsolution.

3.1.3. Effect of reservoir compressibility

The compressibility of the rock surrounding a magma reservoir is
termed the reservoir compressibility (f;), and is dependent on reservoir
dimensions and the physical properties of the host rock (Wasser et al.,
2021). We do not include B, in our overpressure calculations, as we as-
sume that the crust surrounding our shallow (4 km depth) magma
reservoir is rigid. This is a reasonable assumption, as a crustal viscosity
of 1020 Pa s - which is likely to be appropriate for systems shallower than
~7.5km (Townsend et al., 2019) - gives a relaxation timescale of 158 ka.
Hence, the host rock crust is effectively rigid over the volatile exsolution
timescales reported here. However, taking f; into account, overpressure
can be recalculated using Eq. (2).

AP=AV/(V'(B+B,)) (2)

Using a f; value of 2.0 x 10710 pa~! (Wasser et al., 2021) results in
an increase in total compressibility (magma plus reservoir), and a
decrease in AP of 0.5-20 MPa. This comparison is plotted in fig. S5,
which demonstrates that trends in overpressure remain the same,
despite a decrease in absolute values.

3.2. Thermal modelling

The results presented above show overpressure calculated for an

internally homogenous system, and they do not give any indication of
the timescale required to reach peak AP values. In this section we pre-
sent the temporal evolution of overpressure for a small, shallow magma
body, using AP values which have been averaged over the whole
eruptible volume (<60% crystals) of the reservoir. The rate of cooling is
dependent on the thermal conductivity, specific heat and density of the
crust, and the latent heat of crystallisation.

3.2.1. Timescales of overpressurisation: varying initial H,O content

Fig. 3a shows the effect of varying initial HoO content (no CO3) on
the temporal evolution of average reservoir overpressure for a cylin-
drical reservoir situated at 4 km depth, with a radius and height of 1000
m. We only consider magma with crystallinity <60 vol% in our plots.
The highest average reservoir overpressure is attained in the simulation
which is initially HoO saturated (3.4 wt%), reaching a peak of 61 MPa
after ~3 Ka. The initially fluid undersaturated simulations (2.5 and 2.9
wt% Hy0) show a phase of net underpressurisation, due to prolonged
periods of crystallisation in the absence of a fluid phase. After several ka,
average reservoir overpressure in the initially undersaturated simula-
tions begins to increase due to fluid exsolution, and eventually positive
overpressures are attained. This contrasts with the initially fluid over-
saturated simulations (3.9 and 4.3 wt% H,0), which do not generate any
net underpressure, and show a relatively steady average reservoir
overpressure increase. There is a clear contrast in the rate of average
reservoir overpressure increase between the initially undersaturated and
oversaturated simulations. Although the lower HyO scenarios take
longer to reach a given overpressure (e.g. 10 MPa), they show more
rapid rates of overpressurisation (e.g. up to 50 MPa in ~0.5 ka for the
2.9 wt% example). In contrast, the higher HoO cases reach 10 MPa more
rapidly, but show a much slower rate of overpressurisation (e.g.
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Fig. 5. Summary of the time taken to reach critical overpressures of 20 MPa (top row) and 10 MPa (bottom row) for the scenarios shown in Figs. 3 and 4. Left side
shows varying initial H,O content, right side shows varying initial Xp20. Note that the 0.5 and 0.7 Xp20 scenarios shown in Fig. 4 do not generate any positive
overpressure, so are not shown here. A relaxation timescale (Tyejax) Of 1.58 ka is shown by the pink line, which assumes a crustal viscosity of 10'8 Pa s7! (Townsend

et al., 2019). Using a crustal viscosity of 10'° Pa s

, which is more realistic for the small, shallow system modelled here, gives a relaxation timescale of 15.8 ka. (For

interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)

requiring ~3 ka to build up 40 MPa of overpressure for the 3.9 wt% Hy0
case).

Figs. 3b and c show the spatial evolution of temperature and over-
pressure within the cooling reservoir for the 3.4 wt% H»O case. As we
apply a crystallinity cut-off of 60 vol%, the volume of the eruptible
magma decreases with time, as no recharge events are considered. The
spatial distribution of overpressure is governed by the overpressure-
temperature relationship shown in Fig. 1c, whereby overpressure in-
creases during cooling, until it reaches a peak at 1020 °C, then begins to
decrease again as expansion due to fluid exsolution is outweighed by
crystallisation contraction. After 1 ka, the interior of the reservoir is still
relatively hot, resulting in lower overpressures than those at the outer
edge of the reservoir, which has cooled sufficiently to generate peak
overpressures. By 3 ka, the peak overpressure ‘front’ has shifted towards
the centre of the reservoir, whilst the outer edge has cooled past peak
overpressure, and the centre is still increasing in temperature. After 4.8
ka of cooling, the volume of eruptible magma has decreased, and the
highest overpressure occurs in the centre of the reservoir.

3.2.2. Timescales of overpressurisation: varying initial Xy20

Fig. 4a shows the effect of varying initial Xy20 content on the tem-
poral evolution of average reservoir overpressure. Parameters are the
same as in section 3.2.1, and the Xys0 = 1 case is the same as the 3.4 wt

% Hs0 case presented in Fig. 3a. Magma with Xypo = 1 generates the
greatest average reservoir overpressure, and overpressure decreases as
Xuoo decreases. Maximum average reservoir overpressure is 61 MPa for
Xu20 = 1, and decreases to 42 MPa for Xyg20 = 0.98 and 23 MPa for Xgo0
= 0.90. The Xy0 = 0.70 and 0.50 cases do not generate any positive
average reservoir overpressure due the effect of CO4 described in section
4.2. The rate of average reservoir overpressure build-up also decreases
with decreasing Xy20. For example, the Xjj50 = 1 case reaches 20 MPa in
~0.2 ka, whilst the Xy50 = 0.90 simulation reaches 20 MPa in ~3.8 ka.
Figs. 4b and c show the spatial evolution of temperature and over-
pressure within the cooling reservoir for the 0.90 Xyo0 case. This is
governed by the overpressure-temperature profile shown in Fig. 2c,
which demonstrates that the highest overpressures for this scenario
occur above 60 vol% crystallinity. For this reason, the highest over-
pressure always occurs at the cooling edge of the reservoir, at high
crystallinities and moves inwards as the eruptible volume decreases.

4. Discussion
4.1. Critical overpressures and timescales of pressurization

To assess whether volatile exsolution is a viable eruption trigger for
the different cases we have investigated, we frame our results in the
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Fig. 6. Magmatic H;O content, eruption style and peak overpressure. Shaded
areas show kernel density estimation for H>O content/ eruption style data from
Popa et al. (2021b), which comprises global data from 245 eruptions from 75
volcanoes. Black dashed line shows peak overpressure from Rhyolite-MELTS
modelling for Nisyros-Yali. Arrows show H;O contents corresponding to satu-
ration pressures (Psat) of 100 and 200 MPa, a common magma reservoir
pressure range. Psat is determined using Volatilecalc (Newman and Lowenstern,
2002), for rhyolitic melt at 800 °C.

context of a critical overpressure (AP)c. Most researchers define failure
as possible when overpressure exceeds twice the tensile strength (Ts) of
the host rock (Tait et al., 1989; Parfitt et al., 1993). A reasonable esti-
mate of Ts for volcanic rocks is 5-10 MPa (Gudmundsson, 2011; Albino
et al., 2018), giving a critical overpressure range of 10-20 MPa, which
we adopt here. We note that, in natural systems, the presence of frac-
tures in the host rock will result in a reduction in Tg, and therefore also in
(AP)c (Zhan and Gregg, 2019).

For volatile-exsolution to trigger an eruption, overpressure build-up
must occur on a timescale shorter than that of crustal relaxation. The
average reservoir overpressure timescales shown in Figs. 3 & 4 can be
compared to timescales of viscous crustal relaxation (Trejax) to determine
whether they are fast enough to potentially trigger an eruption. Tyelax can
be calculated from the equation of Degruyter and Huber (2014):

Trelax = ']r/(AP)c (2)

Where nr is host rock viscosity. Using nr = 10*° Pa s (Townsend et al.,
2019) and (AP), = 20 MPa gives a crustal relaxation timescale of 15.8
ka. Using a host rock viscosity of 1018 Pa s, representing warmer crust,
gives Trelax = 1.6 ka, whilst increasing nr to 10 Ppas, representing cooler
crust, gives Trelax = 158 ka. For the reservoir at 4 km depth modelled
here, higher viscosities and therefore longer relaxation timescales may
be more appropriate. However, for long-lived, larger and deeper sys-
tems, considering the effect of periodic magma recharge on the heat
budget of the upper crustal reservoir (e.g, Annen et al., 2015), Trelax may
be equal to or shorter than the cooling and overpressurisation timescale.
Fig. 3 shows that all the modelled scenarios reach a critical overpressure
of 10 MPa well within a relaxation timescale of 15.8 ka. If a more
conservative Trelax Of 1.6 ka is used, the 3.4-4.3 wt% H50 simulations
still have the potential to trigger an eruption, whilst the initially HO-
undersaturated simulations do not, as they exsolve fluids more slowly
than Trax. These HpO-undersaturated scenarios display periods of
average underpressurisation over several ka, but once fluids begin to
exsolve overpressure increases rapidly over ~0.5 ka. For the mixed H,O-
CO4, scenarios shown in Fig. 4, magmas with initial Xy20 > 0.90 reach
10 MPa within a Trejax of 15.8 ka, and those with Xg0 > 0.98 reach 10
MPa using a more conservative Treax Of 1.6 ka. A summary of the
timescales taken to reach critical overpressures of 10 and 20 MPa, for a
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reservoir volume of 3.14 km?, is shown in Fig. 5. This highlights that
eruption triggering via volatile-exsolution becomes less likely as initial
magmatic Xyoo decreases. It also demonstrates that magmas with higher
Xpu20 values can attain critical overpressures on timescales < Trelax, €VEN
when using conservative T.eax estimates which are likely to be more
characteristic of deeper, hotter (lower viscosity) systems. The effect of
varying reservoir volume on timescales to reach critical overpressure is
shown in Fig. S6. This demonstrates the sensitivity of overpressure
build-up not only to reservoir volume, but also to initial HoO content and
fluid composition.

For cases where peak overpressure is attained after reaching 60%
crystallinity, the highest overpressures are confined to the cooling edge
of the reservoir, and decrease inwards (Fig. 4c). However, if peak
overpressure is attained prior to reaching 60% crystallinity, high over-
pressures are not only restricted to the edge of the cooling magma body,
they can also develop within the reservoir (Fig. 3c). Our results
demonstrate that volatile-exsolution driven overpressure can attain
critical magnitudes on timescales shorter than that of crustal relaxation,
when considering small reservoirs situated at shallow depths. The lack
of convective heat transfer in our thermal model means that the time-
scales presented here are likely to be maximum estimates, as the pres-
ence of a hydrothermal system can increase the rate of heat loss by an
order of magnitude (Kelly et al., 2021), though this is also dependent on
reservoir size.

4.2. Implications for eruption triggering

When we vary the CO; content of our mixed fluid simulations, we
find that overpressure increases as Xpao increases (Figs. 2 & 4). The
reduction in overpressure with decreasing Xya0 occurs because COs is
less soluble than H50 at shallow magma storage depths. As Xpoo de-
creases, the volume of exsolved fluids at the liquidus increases — and this
results in a smaller volumetric expansion relative to simulations with
higher Xyo0 (see Fig. S7). In addition, simulations with a greater pro-
portion of COy (lower Xp20) initially have higher compressibilities due
to their greater volumes of exsolved fluids (H2O and CO»), and tendency
to exsolve fluids earlier. This results in lower overpressures relative to
simulations with higher Xy20. This is consistent with Tait et al. (1989),
who identified that more soluble volatile species (i.e. HyO) play a greater
role in overpressure generation. Once initial Xyoo is reduced below a
certain point, the system does not generate any positive overpressure
during cooling, limiting the potential for eruption triggering via volatile
exsolution. At Kelud, Cassidy et al. (2019) identified variations in Xg20
and potential triggering mechanism. The 2007 effusive eruption was
associated with low Xp0 values (~0.55), and was preceded by influx of
a COg-rich magma, which triggered the eruption. In contrast, the
explosive eruption in 2014 was characterized by higher Xys0 values
(~1.00) and is thought to have been triggered by second boiling. Our
thermal modelling results show that average reservoir overpressures of
10s of MPa can be generated with magmatic Xp20 of 0.90-1.00 (Fig. 4a).
In contrast, our simulations with Xy»0 values <0.70 do not generate any
positive overpressure during cooling. This supports the idea that volatile
exsolution was a possible trigger for the explosive 2014 eruption, whilst
it is an unlikely trigger for the 2007 eruption - instead requiring an
alternative triggering mechanism, such as magma injection. If this is the
case, then (AP). for the 2014 eruption must have been attained within
seven years (the time interval between the two eruptions). As shown in
Fig. 4a, average reservoir overpressure for our Xyoo = 1 case can build to
critical levels of 10 MPa rapidly. However, the timescales presented here
are not as rapid as those seen in some real volcanic systems. This
discrepancy is likely to occur because, in reality, volcanoes operate as
open-systems. At Kelud, open system behaviour is evidenced by the
large volumes of CO, which were outgassed during the 2007 eruption
(Caudron et al., 2012). This linking of the magmatic system with its
exterior is likely to accelerate cooling rates. In addition, it is also likely
that heat loss by convection would occur in real volcanic systems, and
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this would accelerate the cooling process. We reiterate that we are
presenting general trends in overpressure timescales, and that incorpo-
rating convection into our modelling would shorten our timescale
estimates.

Our cooling reservoir model shows the decrease in eruptible reser-
voir volume with time as magma cools below the 60 vol% crystallinity
cut-off (Figs. 3c and 4c). Eruptions generated by magmas which take
longer to attain critical overpressure may have smaller volumes, as there
is less eruptible magma in the reservoir (assuming no recharge). In
contrast, eruptions which attain critical overpressure earlier in their
cooling history may be more voluminous, as there is a greater volume of
potentially eruptible magma in the reservoir. For example, the 3.4 wt%
H50 scenario (initially at the HoO solubility limit) shown in Fig. 3 has an
eruptible volume of 2.3 km® by the time it attains 20 MPa of average
reservoir overpressure after ~0.16 ka. In contrast, the 4.3 wt% H0
magma (initially HyO-oversaturated) has an eruptible volume of 1.2 km®
when it reaches 20 MPa at ~1.6 ka. For the 2.5 wt% HyO magma
(initially HoO-undersaturated) the eruptible volume is reduced to 0.30
km? once it reaches the same critical overpressure after ~3.7 ka.

We focus on the role of initial fluid content, with no external addition
of magma or fluids. However, flushing of a reservoir by CO»-rich fluids
can also result in reservoir pressurization, provided that flushing occurs
prior to rheological lock-up (Caricchi et al., 2018). CO2 flushing into the
reservoir may increase magma compressibility, but if this is rapid and
voluminous enough, it will still meet the overpressure threshold for
triggering an eruption. For flushing to trigger an eruption for the cases
considered here, the supply of CO,-rich fluids has to occur on a timescale
shorter than T eax, and also shorter than the exsolution-driven over-
pressurisation timescale. This process of CO; flushing is distinct from the
role of CO; exsolution described here, where the lower solubility of this
phase has less intrinsic overpressure generating potential when
compared to Hy0O.

4.3. Implications for eruption style

Our modelling shows that magmas generate the greatest exsolution-
driven overpressures when their initial HoO contents are at the solubility
limit (figs1 & 3). Reducing HO content so that the magma is initially
undersaturated reduces potential volume change, resulting in a reduc-
tion in overpressure. Increasing the initial HyO content, so that the
magma is initially water-oversaturated, results in an increase in
compressibility and a reduction in overpressure due to the ability of
exsolved fluids to accommodate pressure increase (Woods and Pyle,
1997; Popa et al., 2021b). This variation in overpressure-generating
capacity with varying fluid content may have implications for magma
ascent rate and eruption style. Whilst it is well-established that ascent
rate is a major control on eruption style (Cassidy et al., 2018), the factors
controlling initial ascent rate are debated. One of the proposed controls
is magma reservoir overpressure (Jaupart and Allegre, 1991). Indeed,
conduit flow models show that increasing magmatic overpressure re-
sults in faster initial ascent speeds (Woods and Koyaguchi, 1994;
Thomas and Neuberg, 2014). Popa et al. (2021b) compiled global
magmatic HoO contents and found that magmas close to their water
solubility limit are associated with explosive eruptions, whilst effusive
eruptions are more commonly linked to either very high or low H,0
contents (albeit with crystallinity also as a factor). This compilation of
magma HyO content, separated by eruption style, is shown alongside
peak overpressure from our Rhyolite-MELTS simulations in Fig. 6, where
we propose a potential link between overpressure and eruption style.
The high overpressures seen at the solubility limit broadly correlate with
the distribution of pre-eruptive HyO contents of explosive eruptions. We
propose that the high overpressures at the volatile ‘sweet spot’ may be
contributing to faster initial ascent rates and therefore to more explosive
eruptions. In contrast, the reduction in overpressure with increasing or
decreasing H,O could potentially lower ascent rates, favouring effusive
eruptions. This may provide another, concurrent mechanism for the
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abundance of water-rich effusive events, in addition to the effect of
exsolved volatiles on melt viscosity and reservoir reheating upon
recharge, and the effect of exsolved volatiles present during early
conduit ascent, as described in Popa et al. (2021b).

Our findings do not account for the occurrence of explosive volatile-
over saturated eruptions. High magmatic HoO contents increase magma
compressibility, resulting in lower reservoir overpressures. Whilst this
makes eruption triggering less likely, if these magmas do erupt their
increased buoyancy and low viscosity may increase ascent rate, pro-
moting an explosive eruption (La Spina et al., 2022). This suggests that
processes operating during magma ascent may in some instances modify
and ‘override’ the effects of overpressurisation in the reservoir. Alter-
natively, high levels of exsolved volatiles in magmas may increase
permeability during ascent, favouring gas loss and promoting an effusive
eruption (Popa et al., 2021b). Studies which couple models of reservoir
overpressurisation with ascent rate and fragmentation - especially
focusing on volatile content, crystallinity, viscosity and buoyancy -
would help to advance our understanding of the many factors which
contribute to volcanic eruption style.

5. Potential model limitations
5.1. Pressure dissolution

The assumption of a rigid crust surrounding the magma reservoir
means that any overpressure generated by cooling and crystallisation
cannot be dissipated by expansion of the host rock. This build-up of AP
will affect the solubility of volatiles in the system, potentially resulting
in volatile redissolution and system volume decrease. In turn, this may
also affect the liquid composition and crystallinity of the magma. To
investigate the effect of overpressurisation on fluid solubility further, we
run MELTS simulations where the overpressure generated in the previ-
ous step is added on to the lithostatic pressure. We do this for temper-
ature intervals of 0.5 °C, and do not allow reservoir pressure to drop
below 100 MPa (the initial lithostatic pressure used in the isobaric
simulations).

Fig. S8 shows that incorporating overpressure into the simulations
results in multiple cycles of under- and overpressurisation. For example,
adding on 6 MPa of exsolution-driven overpressure (fig. S8a) results in a
reservoir pressure of 106 MPa. Running a simulation at this increased
reservoir pressure (106 MPa) leads to a melt density increase, and
redissolution of exsolved volatiles as solubility is increased at higher
pressure. Both of these factors lead to a volume decrease relative to the
initial volume at 100 MPa, resulting in underpressurisation of —17 MPa.
This then reduces the reservoir pressure for the next set of simulations,
which are run at 100 MPa, leading to fluid exsolution, volume increase
and overpressurisation to 16 MPa. This results in another cycle of fluid
dissolution, this time at a higher reservoir pressure of 116 MPa. The
system continues to swing between these two states of increased and
decreased pressure. Although the overpressure profiles are altered, the
relative magnitudes for the varying Xy20 simulations are similar to their
isobaric counterparts. Fig. S8 suggests that timescales to reach critical
overpressures may be altered when fluctuations due to over-
pressurisation are accounted for. However, it is difficult to quantify this
as the fluctuations in crystallinity as pressure changes mean this cannot
be input into the thermal model. Our model is therefore limited for
simulating the effect of system change due to incremental, non-isobaric
overpressure increase, and is unlikely to reflect the full complexity of a
natural system.

5.2. Closed system assumption

When calculating overpressure we assume a closed system, where all
exsolved fluids are retained within the magma reservoir. This is a
common assumption when modelling magmatic systems (e.g., Gleeson
et al., 2017; Tramontano et al., 2017; Caricchi et al., 2018), but it is at
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odds with observations of volcanic degassing. However, numerical
modelling of bubble migration in melts has shown that the majority of
outgassing (~ 50% of the available fluid phase) occurs at medium to
high crystallinities of 40-70%, with only ~1% of fluids lost at crystal-
linities <40% (Parmigiani et al., 2017; Degruyter et al., 2019). At
crystallinities <40%, bubble migration is inefficient, and only a very
small volume of gas is lost this way. For the cases presented here, all of
the scenarios shown in Fig. 3a reach 20 MPa critical overpressure prior
to attaining 40% crystallinity. This can effectively be considered as a
closed system, as fluid loss during this time will be negligible. However,
whilst the Xp20 = 1 and 0.98 cases shown in Fig. 4a also attain (AP).
prior to 40% crystallinity, the lower Xp0 cases (< 0.90 Xy20) do not.
For example, the 0.90 Xyo0 scenario attains (AP). at a crystallinity of
~50%. This suggests that the closed system assumption may not be valid
for the lower Xy50 scenarios presented here, as significant amounts of
degassing via fluid pathways begins to play a role prior to attaining
(AP),

To quantify the effect of gas loss from the reservoir, we remove 10%
of the available exsolved fluid volume at 50% crystallinity, and recal-
culate the system volume, compressibility, and overpressure accord-
ingly. We use the 50% crystallinity interval as this is within the high
outgassing range specified in Parmigiani et al. (2017), as outlined above,
and we use 10% fluid loss as an arbitrary volume, to illustrate the effect
of open-system degassing. Fig. 7 shows that, for the open system model,
overpressures (at 50% crystallinity) are reduced by ~4-10 MPa when
10% of the available fluids are lost from the system. Although over-
pressure is reduced across all the simulations, the trend in overpressure
with varying fluid content is the same as in the closed system simula-
tions. This reduction in overpressure due to gas loss means that open
systems may take longer to reach critical overpressures than those with
no gas loss. Although, as outlined above, this will only be relevant for
systems where (AP). is attained after reaching ~40% crystallinity.

6. Conclusions
Our thermodynamic modelling demonstrates that magmas with Hy,O
contents at their solubility limit, and those with low COy contents,

generate the highest exsolution-driven overpressures and have the
greatest potential for internal eruption triggering (figsl & 2). When
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coupled to a thermal model, we show that overpressurisation to critical
values can be achieved well within typical relaxation timescales, for
small and shallow magma reservoirs (Figs. 3, 4 & 5). For COa-free sce-
narios, the greatest rates of overpressure increase are seen in magmas
which are initially HpO-undersaturated. As initial HoO content in-
creases, the rate of overpressure build-up is reduced (Fig. 3a). For the
mixed Hy0-CO, scenarios, rate of overpressurisation decreases as Xgoo
decreases. The reduction in overpressure with decreasing magmatic
Xuo0 suggests that, below a certain point, volatile-exsolution is not a
viable eruption triggering mechanism (Fig. 4a). We propose that the
variation in overpressure with initial HoO content may be one factor
affecting magma ascent rate and explosivity (Fig. 6). Peak overpressures
at the volatile ‘sweet spot’ may drive faster ascent rates, which, com-
bined with other factors, allows less time for volatile outgassing and
ultimately favours fragmentation and explosive eruptions. At low HyO
contents, magmas have a reduced potential for volumetric expansion,
whilst high HyO contents induce fluid exsolution and increase system
compressibility — both of these factors reduce overpressure and make
eruption triggering via volatile-exsolution less likely.

By coupling thermodynamic and thermal models we provide a novel
method for tracking overpressure within a cooling magma reservoir.
However, we also note that our method does not account for the effect of
cooling via convection, which in reality would reduce our time to critical
overpressure. We also do not account for the effect of changes in pres-
sure on volatile solubility. Accurate modelling of the feedbacks between
crustal response and magma thermodynamics is an area of research
which would greatly improve our understanding of overpressurisation.
The temporal variations in overpressure presented here could be used as
inputs for dyke propagation models, which often assume a constant
reservoir overpressure (Rivalta et al., 2015). Our methodology could
also be used to link reservoir processes with time series of precursory
volcanic activity, or to conduit models, where overpressure, volatile
content, crystallinity and viscosity are important factors. Our results
have implications for volcano monitoring, suggesting that elucidation of
magma overpressures via ground deformation and numerical modelling
(Masterlark et al., 2016; Bato et al., 2017) may be a promising way to
forecast explosive eruptions.
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Fig. 7. Comparing the effect of open- versus closed-system behaviour on overpressure magnitude for a) varying initial H,O content, and b) varying initial Xy»0. Both
examples using Kelud (100 MPa). The closed-system results are the same as those shown in Figs. 1¢ and 2c, where all fluids are retained within the system. The open-
system results were calculated by subtracting 10% of the exsolved fluid volume at 50% crystallinity. The system volume and compressibility are then adjusted

accordingly, and overpressure is recalculated based on the new values.
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